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Table 1. Subtidal buoyancy flux across transects. See Figure 1 for locations. Time At refers to 
the time lag between the profiling of transect B and transect C. Positive fluxes are seaward 
(downstream). Units are (m4/s3). 

Total 
Seaward 

(downstream) 
Landward 
(upstream) 

Time 

(hrs) 
Transect A B C A B C A B C At 

April -6 70 60 1 110 70 7 40 10 40 
June -26 -80 160 0 60 160 24 140 0 20 

Mean -16 -5 110 0 85 115 16 90 5 

as a consequence of wind forcing. Winds were light ( < 1 m/s) in April while they 

were moderately strong ( > 5 m/s) in June. Next, however, we discuss the hydrogra- 

phy just prior and during our June experiment in detail. It reveals how buoyancy and 

wind forcing interact during a strong upwelling favorable event. 

b. Hydrography and velocityfield. Salinity is an excellent tracer of estuarine waters on 

the shelf. In our study area density varies almost linearly with salinity. We present 

three maps of surface salinity from the thermosalingraph in Figures 6 and 7 noting 

that we completed each survey within 19 (Figs. 6 and 7b) and 23 (Fig. 7a) hours. We 

augment each map with a vertical salinity transect across the shelf in order to depict 

the salinity distribution in three dimensions. Figure 6 represents the salinity field in 

May on day 145 during light but upwelling favorable winds. Near the estuary buoyant 

waters form a narrow zone with large lateral salinity gradients. Miinchow et al. 

(1992a) and Mtinchow and Garvine (1992) show that the subtidal flow in this source 

region of the coastal current always turns anti-cyclonically to form the Delaware 

Figure 6. Map of surface salinity for the coastal current in May 1989 after a large river 
discharge event. Dots indicate the ship track along which we collected the data while the 
arrow indicates the location of a salinity transect shown to the right. For currents, winds, 
and discharge conditions during the event see Figure 3. 

Muenchow & Garvine (1993)
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A TRAJECTORIES DAY 132-139 (DOWN-WELLING FA”ORABLE WINDS) 
36 

[51,2 

Figure 10. Drifter trajectories sorted by wind direction. (a) downwelling favorable winds; (b) 
upwelling favorable winds; (c) transitional winds. The wind vector and scale appears on the 
right of each figure. We added open circles every 24 hour after each drifter’s deployment. 
We mark the deployment locations by a star. 

component that increases in the offshore direction. The resulting divergence must be 

compensated by upwelling. Qualitatively, this is consistent with an “Ekman” layer 

response to winds superposed on a downstream buoyancy driven coastal current. We 

suspect, however, that surface and bottom Ekman layers overlap in water only 15 to 

20 m deep. We tested this hypothesis by fitting Ekman’s (1905) solutions to detided 

vertical ADCP current profiles that we measured on day 169 on transect A (see 

Fig. 9). The Ekman number E = (6/D)* is the only free parameter in the fit (not 

shown) and represents the ratio between the Ekman layer depth 6 = (24/f )l’* and 

the water depth D. Here A and f are the vertical eddy viscosity and the Coriolis 

parameter, respectively. We find the best agreement between model and data for 
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Institute of Marine and Coastal Sciences, Rutgers University, New Brunswick, New Jersey

EDDY C. CARMACK

Institute of Ocean Sciences, Sidney, British Columbia, Canada

(Manuscript received 8 July 1996, in final form 14 January 1997)

ABSTRACT

Analyses of data from three shipborne surveys describe the quasi-synoptic density and velocity fields near
Barrow Canyon, Alaska. The canyon parallels the northwestern coast of Alaska and contains three different
water masses. These are 1) warm and fresh Alaskan coastal waters that originate from the Bering Strait; 2) cold
and moderately salty waters that originate from the Chukchi shelf; and 3) warm and salty waters that originate
from the Atlantic layer of the Arctic Ocean. A halocline separates the Chukchi shelf and Atlantic layer waters.
The halocline slopes upward into the canyon where it is then twisted to slope across the wide canyon. An
intensification of the Beaufort gyre near the shelf break just seaward of Barrow Canyon raises the halocline
more than 100 m toward the surface. Locally upwelling favorable winds raise the Arctic halocline, which thus
is ventilated within Barrow Canyon adjacent to the coast. In the absence of winds the halocline slopes across-
canyon in the thermal wind sense due to a northward flowing coastal current.
Velocity measurements from a towed acoustic Doppler current profiler reveal a northward flowing jet that

transports about 0.3 Sv (Sv ! 106 kg m"3) of Bering Sea summer water into the Arctic Ocean at speeds that
exceed 0.7 m s"1. Total northward transports through the canyon exceed 1.0 Sv. The warm waters of this coastal
current supply more than 100 W m"2 of heat to the atmosphere. The jet separates both from the bottom and
from the coast. Hence, a laterally and vertically sheared jet forms, which breaks into three branches at about
71.8#N latitude.

1. Introduction

A steric height difference of about 0.5 m (relative to
a reference level of 1000 m) between the Pacific and
Arctic Oceans drives a mean northward flow across the
Bering and Chukchi shelves (Stigebrandt 1984). The
observed annual mean transport through the 50-m-deep
Bering Strait is about 0.8 Sv (Sv ! 106 m3 s"1) (Coach-
man and Aagaard 1988), which agrees well with the
transports predicted by a barotropic model (Overland
and Roach 1987). In order to reach the Arctic Ocean,
however, the flow through Bering Strait must cross the
wide and shallow Chukchi shelf. An important part of
this flow is the northward setting coastal current that
flows along the west coast of Alaska from Bering Strait
to Barrow Canyon (Paquette and Bourke 1974). Here
we discuss data from shipborne hydrographic (CTD)
and acoustic Doppler current profiler (ADCP) surveys
to describe the structure and variability of this flow as
it encounters the shelf break over Barrow Canyon.

Corresponding author address: Dr. Andreas Münchow, Institute
of Marine and Coastal Sciences, Rutgers University, P.O. Box 231,
New Brunswick, NJ 08903.

In the summer and early fall warm and fresh Alaskan
coastal waters from the eastern Bering Sea generally
arrive at Point Barrow and pass through Barrow Canyon
into the Arctic Ocean (Paquette and Bourke 1974; Ahl-
näs and Garrison 1984; Aagaard and Roach 1990). Aa-
gaard (1984) and Hufford (1973) use the pronounced
temperature signal of these waters to infer an alongshore
current over the slope of the Beaufort Sea. Current fluc-
tuations correlate with both the atmospheric pressure
difference along the western coast of Alaska and the
local alongshore winds (Mountain et al. 1976; Coach-
man and Aagaard 1988). This generally strong corre-
lation breaks down, however, when buoyant waters ar-
rive from the south in the summer and fall. We argue
below that during this season buoyancy-forced motions
contribute to the dynamics of the eastern Chukchi Sea
and Barrow Canyon.
The presence of Bering Strait waters in the Arctic

interior was noted by Coachman and Barnes (1961),
who searched early hydrographic data from the Arctic
basins and found a persistent temperature maximum at
about 70-m depth throughout much of the eastern Can-
ada Basin. Tracing similar water masses along the con-
tinental slope of the Beaufort Sea, Hufford (1973, 1974),
Mountain et al. (1976), and Aagaard (1984) postulate
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FIG. 8. Time series of (a) air temperature and (b) wind vectors at Point Barrow airport for
the month of September 1993. The vertical lines on day 252 and 268 indicate the time of the
two surveys by the CCGS Henry Larsen.

FIG. 9. Map of depth-averaged velocity vectors over Barrow Canyon.

divergence due to the acrosscanyon flow results in a
scale W ! ("z"#)/"y for the vertical flow from

!·u ! $y# % $zw ! 0,

where u! u(y, z) is the velocity vector with components
(u, #, w), while (y, z) are the acrosscanyon and vertical
coordinates, respectively. In order to estimate a vertical
velocity scale W, we approximate $y# ! "#/"y and $zw

! W/"z, take "# ! 0.2 m s&1, "y ! 20 km, and "z !
20 m from Fig. 9b, and obtain W ! 2 ' 10&4 m s&1 !
17 m day&1. While this scale is large, it is not unrea-
sonable. It suggests that sustained locally upwelling fa-
vorable winds from the northeast can ventilate lower
halocline waters by raising them toward the surface
where they mix with Bering Sea waters. We indeed ob-
serve such mixing in the temperature–salinity correla-
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FIG. 1. Maps of the study area showing (a) the western Arctic along with the 100-m and 1000-
m isobaths indicating the shelf break and (b) the western portion of the East Siberian Sea including
Long Strait and Wrangel Island near the date line. The triangles in (a) indicate deployment locations
of drifter clusters.

FIG. 2. Kolyma River discharge. The dotted line with ‘‘!’’ symbols
shows the annual mean discharge from 1990 to 1996 while the solid
line indicates monthly mean discharge from 1990 to 1994. Note that
the 1995 annual mean discharge is similar to the preceeding years.

of 6 h. Tidal currents (not shown) are generally less than
0.05 m s"1; only near Wrangel Island are they larger
than 0.1 m s"1 (Kowalik and Proshutinsky 1994). Nev-
ertheless, a Lanczos filter removes tidal and inertial mo-
tions from the interpolated time series of position. The
filter passes less than 10% and more than 90% of the

signal at periods near 30 and 60 h, respectively; the
half-power point is at 40 h. We use centered differences
to estimate velocity components from the interpolated,
filtered, and subsampled drifter position data. Here we
present data during the ice-free summer season of 1995
collected from yearday 235 (24 August) to 290 (17 Oc-
tober).
All drifters were deployed in ice-free waters between

5 and 50 km from the coast. Figures 3a and 3b show
drifter deployment locations in August and September
1995, respectively. Also shown is the approximate lo-
cation of the ice edge, which we digitized from weekly
ice maps provided by the National Oceanic and At-
mospheric Administration/Navy Joint National Ice Cen-
ter. During the drifter deployments in the East Siberian
Sea the ice edge retreated from about 70.5#N to 71.5#N
lat within about 2 weeks. This ice distribution indicates
an exceptionally light ice year with much melting. The
freshwater input due to melting 1 m of ice over the 600
$ 200 km2 ice-free area of the western East Siberian
Sea in 1995 is similar to the freshwater it receives from
the Kolyma River (Fig. 2).
We estimate the wind field from sea level pressure

Muenchow et al. (1999)
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FIG. 12. Trajectories of surface drifters deployed along the three
salinity sections shown in Fig. 7. Circles on the trajectories are 2
days apart.

FIG. 13. Trajectories of an inshore and offshore drifter closest to
the Kolyma River. Note the rapid westward movement of the offshore
drifter, which we speculate is trapped in a frontal zone.

FIG. 14. Map of (a) drifter trajectories and (b) current vectors. The
grid in (b) indicates spatial bins used to estimated averaged properties.
The bottom topography is shown also.

toward Alaska. Coachman and Rankin (1968) comment
on the highly variable subtidal circulation and speculate
that the currents respond to local winds and pressure
gradients.
Figure 12 shows the drifter trajectories for 2 weeks

after their deployment along sections A, B, and C. The
drifters were deployed in a 2-day period within 80 km
from the coast and 30 km from the ice edge. All drifters
moved northwestward in a spatially and temporally co-
herent fashion at the largest spatial scale of about 300
km. At smaller spatial scales, however, we find differ-
ences in the initial trajectories. For example, on section
A we deployed 4 drifters along a line that extended
offshore into a pool of Kolyma River plume waters
fresher than 28 psu. The drifter deployed farthest off-
shore into these waters exhibits a most spectacular tra-
jectory. It first stalls for almost 8 days before it moves
northward and rapidly separates from all other drifters
(Fig. 13). Its Lagrangian velocity fluctuations correlate
only weakly with the winds; that is, we believe that this
drifter accurately tracks the water with its drogue intact.
It appears that this drifter was captured within a frontal
region. In contrast, the 3 inshore drifters move slowly
westward while looping both cyclonically and anticy-
clonically at wind-dominated timescales of 3–8 days.
On section B the inshore drifter moves rapidly south-
eastward while the central and offshore drifter move
slowly in the opposite direction (Fig. 12). This cyclonic
circulation with westward flow offshore is consistent
with the thermal wind relation with no flow at depth
(Fig. 9). In contrast, the drifters of section C move al-
most in unison first onshore then rapidly toward the
west. The overall direction of all these surface displace-
ments is consistent with the internal pressure field of
an offshore source of buoyancy such as the melting and
retreating ice edge (Fig. 9).

b. Temporal and spatial perspectives

Figure 14 shows current vectors on a map of the
bottom topography of the East Siberian Sea along with
the trajectories from which the velocity vectors were
estimated. The current vectors constitute the surface cir-

culation during the ice-free summer season. Instanta-
neous subtidal velocities reach 0.5 m s!1 and indicate
a generally northwesterly flow. Flow reversals occur
frequently in both space and time. Most vectors align
themselves along isobaths. This includes the shallow
Kolyma Canyon to the west of Ayon Island where we
discern an anticyclonic circulation around the canyon
rim. We next discuss spatial and temporal views of the
data.
An example of the spatial variability of the flow field

is shown in Fig. 15 as a 3-day sequence of velocity
snapshots. Instantaneous velocity vectors from 18 drift-
ers depict synoptic currents together with the ice edge.
On 12 September (day 255) the ice edge is about 150
km from the coast in the East Siberian Sea. Winds are
less than 5 m s!1 and change direction from southerly
to northerly (Fig. 4). The flow, however, exceeds 0.2 m
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TABLE 3. Eulerian mean currents and 95% confidence levels.

Longitude (west) Latitude (north)
Degrees of
freedom Drifters Speed (m s!1) Direction (ccw from east)

1*
2*
3
4

5
6
7

194.7
195.0
196.2
197.3

189.9
190.3
189.9

70.1
70.7
71.2
71.8

70.2
70.7
71.2

15
16
14
9

27
40
21

4
5
6
6

10
14
9

0.05 " 0.085
0.07 " 0.077
0.10 " 0.077
0.11 " 0.101

0.08 " 0.054
0.08 " 0.043
0.10 " 0.047

130 " 180
124 " 68
127 " 50
129 " 55

174 " 50
151 " 40
151 " 37

8
9
10
11

180.8
183.4
184.5
185.2

69.5
70.1
70.6
71.2

37
34
18
7

14
11
8
5

0.09 " 0.070
0.14 " 0.063
0.17 " 0.060
0.22 " 0.073

146 " 38
157 " 22
144 " 21
132 " 30

* Estimate not significant.

FIG. 19. Map of principal axes of variation. The bottom topogra-
phy is shown also.

FIG. 18. Map of record mean current vectors for the 1995 ice-free
summer season in the East Siberian Sea. The 95% confidence limits
for speed and direction are indicated by the lines enclosing each
vector. The ticks on these lines represent upper and lower confidence
limits for speed while their orientations represent upper and lower
confidence limits of direction. The bottom topography is shown also.

current variance thus may relate to large-scale baro-
tropic forcing imposed on the East Siberian Sea through
a pressure gradient from the east and/or west.

6. Discussion

We reported velocity and hydrographic observations
from the East Siberian Sea to test the hypothesis that
the buoyant discharge from the Kolyma River results
in an eastward-bound buoyancy-driven coastal current.
Using predictions of Yankovsky and Chapman (1997),
we expected a surface-advected plume to extend 30–35
km across the gently sloping shelf. This estimate as-
sumes Rossby and Burger numbers of about 0.1 and 0.7,
respectively, due to a typical summer discharge of about
10 000 m3 s!1. Using similar nondimensional and geo-
metric scales, we also expected the coastal current to
extend 300–500 km along the shelf (Garvine 1999). The
fate of 39 surface drifters deployed into ice-free waters
of the Chukchi and East Siberian sea, however, indicated
that no such eastward flow was present in the summer
of 1995. Instead our drifters described a flow in the
opposite direction; that is, the surface circulation in

1995 was westward from the Chukchi into the East Si-
berian Sea. The 50-day mean flow reached 0.1 m s!1

and was statistically significant at the 95% level of con-
fidence. We found little river water on the East Siberian
shelf downstream of the Kolyma River. Both velocity
and density fields suggested that buoyant river waters
did not reach Ayon Island 100 km to the east of the
Kolyma River delta. Only in the immediate vicinity of
the Kolyma Delta did we find clear evidence of pre-
dominantly riverine waters. The absence of an eastward
flow requires a reevaluation of the conceptual view of
the surface circulation of the East Siberian Sea.
We find large Lagrangian decorrelation scales of

about 3 days and 40 km in time and space. The internal
deformation radius inshore is 13 km and thus is a factor
3 smaller than the eddy length or spatial decorrelation
scale. The square of the ratio between the horizontal
scale of the motion L and the internal deformation radius
LD defines a Burger number S # (LD/L)

2 that scales
baroclinic vortex tube stretching in the vorticity equa-
tion (Pedlosky 1987). In our study area the Burger num-
ber is 0.1 inshore and baroclinic vortex tube stretching
is weak relative to the diffusion of relative vorticity in
the potential vorticity equation. The flow field is linear,
though, as the Rossby number $ % U/ fL & 0.005 K 1
is small both inshore and offshore; we here use a ve-
locity scale U & 0.2 m s!1, a Coriolis parameter f %

Surface Velocity off Siberia 1995




at Nares Strait [Münchow et al., 2006] and Smith Sound
[Melling et al., 2001], Jones Sound [Melling, 2000], and
Lancaster Sound [Sanderson and LeBlond, 1984; Fissel et
al., 1982]. These cold, fresh northern inflows travel south-
ward on the western portion of Baffin Bay as the Baffin
Island Current [Fissel et al., 1982], eventually exiting via
Davis Strait into the Labrador Sea [Loder et al., 1998; Cuny
et al., 2005] to become the Labrador Current [Lazier and
Wright, 1993; LeBlond et al., 1981]. Warm, saline water
from the North Atlantic, mostly made of waters originating
from the Irminger [Bersch, 1995] and East Greenland

Currents [Bourke et al., 1989], flows north through Davis
Strait then along the eastern side of Baffin Bay as the West
Greenland Current [Smith et al., 1937]. The core of this
flow is readily identified as a subsurface temperature
maximum at about 400 m depth. It forms the eastern leg
of a postulated cyclonic circulation in Baffin Bay [Bourke et
al., 1989; Bâcle et al., 2002] that is generally used to
explain observed ice distributions and water mass proper-
ties. The spatial and temporal structure, variability, or
dynamics of these postulated currents are largely unob-
served and are based on ice observations, ship drifts,
hydrographic measurements, and the assumption of a geo-
strophically balanced baroclinic flow. We next briefly
discuss two examples of such observations from the (largely
unpublished) historical record in order to introduce spatial
features whose temporal changes are the subject of this
study.
[6] Figure 2 shows Baffin Bay and the location of two

hydrographic sections that we use to introduce dominant
water mass characteristics and their spatial distribution.
Data from a 1948 section across southern Baffin Bay taken
from the Danish Naval survey vessel Hejmdal indicates
three main hydrographic features of Baffin Bay (Figure 3):

Figure 1. (a) Map of the Northern Hemisphere including
the study area and (b) the data distribution in Baffin Bay,
Davis Strait, and northern Labrador Sea. The thick, solid
line indicates the ‘‘thalweg,’’ that is, the deepest location at
a given latitude.

Figure 2. Map of the study area with contours of
bathymetry along with the location of two sections across
northern (solid symbols) and southern Baffin Bay (shaded
symbols) along with their temperature salinity correlations
where the contours are density anomalies (kg/m3) and the
straight line near at the bottom is the freezing line.
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contain both vertical and lateral shear above 300 m. This gives con-
fidence that directly observed ADCP surface currents are consistent
with independently estimated geostrophic currents.

Baffin Island Current hydrography 1979

We here exploit the finding that the thermal wind relation
holds well off Baffin Island by applying it to hydrographic data
from the most comprehensive survey conducted along coastal Baf-
fin Island. Fissel et al. (1982) introduce these 1979 data, but focus
on the surface circulation off Bylot Island at the entrance to Lancas-
ter Sound just to the north-west of our study area. In Fig. 11 we
show 6 across-shore sections from 72!N latitude to Davis Strait
in the south near 67!N latitude, see Fig. 1 for locations. Excluding
the northernmost section, geostrophic volume and freshwater flux
is towards Davis Strait in the south. Values vary between 1.8 and
4.0 Sv for volume and 78 and 154 mSv for freshwater. Mean values
are 3.0 ± 0.9 Sv and 118 ± 35 mSv where the uncertainty is a stan-
dard deviation of the along-shore variability. The along-shore con-
tinuity is not perfect, but the generally upward sloping isopycnals
from about 300 m near the shelf-break to 100 m about 100 km off-
shore are ubiquitous. This is the cold and fresh outflow from the
Canadian Archipelago. The northernmost section with the negative
(northward) flux probably does not resolve the offshore extent of
the outflow and implies a weak circulation in the lee of Bylot
Island. Fissel et al. (1982) report on vigorous eddy activity near
the surface at this location which also coincides with our 2003 sec-
tion revealing less than 0.2 Sv volume flux within 60 km of Baffin
Island (Fig. 10). Note also, that 1979 was an NAO-negative year
(Fig. 13) which implies weaker than average baroclinic circulation.
We indeed find the geostrophic thermal wind circulation weaker in
1979 as compared to 2003.

Volume and freshwater flux

Our two 2003 sections across the shelf, slope, and basin off
Greenland and Baffin Island intersect near 73 N latitude at the

thalweg over the deep Baffin Bay basin (Fig. 1). These sections
define a volume that is open to Nares Strait and Jones Sound in
the north-east and Lancaster Sound in the north-west. Table 1
summarizes volume and freshwater flux estimates in the form of
a closed budget. The net flow into our study area from Nares Strait
in the summer of 2003 is about 1.0 ± 0.2 Sv in the absence of winds
(Münchow et al., 2007). The West Greenland current systems adds
3.8 ± 0.27 Sv inflow from the south-east. Mooring observations
suggest that Jones and Lancaster Sounds can provide an additional
0.3 Sv and 1.0 Sv, respectively. Our control volume thus conserves
volume within an uncertainty of 1.0 Sv or about 20% of the outflow.
Furthermore, seasonal cycles are large in Lancaster Sound with vol-
ume flux reaching 1.0 Sv in summer and dropping below 0.2 Sv in
winter (Peterson et al., 2012).

The situation is similar for freshwater flux qf which we estimate
relative to a salinity S0 ¼ 34:8 psu by integrating observations of
salinity S (x,z) and velocity u(x,z) over the sectional area A in the
(x,z) plane, e.g., qf ¼

R
Að1# S=S0ÞudA. Figs. 3 and 4 show S and u

for the West Greenland Current System which provides
qf ¼ 72% 20 mSv into our volume. The Baffin Island Current Sys-
tem (Figs. 7 and 9) exports qf ¼ 187% 30 mSv towards Davis Strait.
Table 1 summarizes these results and adds estimates for Nares
Strait, Lancaster Sound, and Jones Sound. Observations from the
summer of 2003 give 34 ± 6 mSv for Nares Strait (Münchow
et al., 2007) and 75 ± 10 mSv for Lancaster Sound (Peterson et al.,
2012) which balances the freshwater flux within 3% of the outflow,
but this is perhaps fortuitous as the uncertainties are an order of
magnitude larger (Table 1).

These estimates compare to the net annual mean freshwater
flux through Davis Strait of 116 ± 41 mSv for 2004–2005 and a
mean volume flux of 2.3 ± 0.7 Sv that exit Baffin Bay (Curry et al.,
2011). About 1.9 Sv of volume and 27 mSv of freshwater enter Baf-
fin Bay from the south (Curry et al., 2011). Assuming that these
Davis Strait inflows to Baffin Bay are contained within our West
Greenland section, we conclude that about 1.9 Sv of volume and
27 mSv of freshwater recirculate within northern Baffin Bay. Fur-
thermore, Curry et al. (2011) find that the shelf off West Greenland
carries 0.4 Sv in volume and 15 mSv in freshwater flux into Baffin
Bay from the south that relate to glacial meltwater (Azetsu-Scott
et al., 2012). We thus speculate that most of the observed 2003 cir-
culation over the shelf and slope off north-west Greenland in Baffin
Bay is a recirculation of both salty Atlantic and fresher Arctic
waters.

Climatological context 1916–2003

1 We start our discussion of the hydrographic climatology of
northern Baffin Bay with Fig. 12 which shows the potential tem-
perature on a constant density surface (rt ¼ 27:4 kg m#3) derived
from the NODC/BIO data as well as our own 2003 data. Zweng
and Münchow (2006) discusses the seasonal bias of these data that
are generally collected in the summer in ice-free waters. The
vertical location of this density surface varies from about 50-m
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Fig. 11. Potential temperature (bottom), salinity (middle), and potential density
anomaly (top) along coastal Baffin Island with sections from 72.1!N (left) to 67.1!N
latitude (right). The geostrophic volume and freshwater flux estimates are relative
to no flow at 600 m depth are shown also. Sections are shown against longitude
with 1! representing 38 km at 70!N. Station locations are indicated by small
symbols while numbers at the top are geostrophic volume and freshwater flux
estimates relative to no flow at 600 m.

Table 1
Flux estimates for 2003 surveys of northern Baffin Bay and published mooring data,
e.g., Peterson et al. (2012) for Lancaster and Melling (2000) for Jones Sounds. Positive
(negative) sign indicates flux into (out of) a closed volume.

Section Volume (Sv) Freshwater (mSv) Source

West Greenland 3.8 ± 0.3 72 ± 20 Survey
Nares Strait 1.0 ± 0.2 34 ± 6 Survey
Baffin Island #5.1 ± 0.2 #187 ± 30 Survey
Lancaster Sound 1.0 ± 0.2 75 ± 10 Moorings
Jones Sound 0.3 ± 0.1 Unknown Moorings
Sum 1.0 ± 1.0 #6 ± 66
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vertical profiles for the years 1920, 1960, and 2000 pre-
dicted by the regressions. A warming over deep Baffin Bay
is statistically significant from 200 m to 2400 m depth. It
reaches 0.23 ± 0.13 !C/decade near 300 m depth which lays
above both the sill depth of Davis Strait and above the
vertical location of the subsurface temperature maximum
which generally occurs near 500 m depth (Figure 2).
Seasonal influences are small at these large depths thus
minimizing the bias due to summer-only sampling. Below
1500 m the warming becomes smaller approaching an
almost constant value of 0.03 ± 0.015 !C/decade. Within
95% confidence the warming of the entire intermediate
layer from 200 to 1200 m is vertically uniform at about
0.11!C/decade while the warming of waters below 1400 m
is vertically uniform at about 0.03!C/decade within the 95%
confidence limits. Figure 7 provides a more direct visuali-
zation of the observed warming trend and year-to-year
variations of the annually averaged temperatures. It shows
the regression lines and the temperatures values from which
the trends are calculated. The trends at the 50–200 m bin
are statistically indistinguishable from zero while the 200–
400 m bin is significant even though temperatures vary
substantially from year to year. This contrasts with a very

smooth and linear warming trend at the 2000–2200 m bin
where temperatures exhibit little interannual variability.

4. West Greenland Subsurface Warming

[14] Figure 8 shows the time rate of change of tempera-
ture and salinity on the west Greenland shelf break within
Baffin Bay. The warming trend is most pronounced in the
600 to 1000 m interval just below the temperature maxi-
mum of about +1.6!C at 500 m depth. The largest warming
of about 0.15 ± 0.08!C/decade occurs in this layer. This
warming is similar to the increase in temperature in the deep
basin area discussed above. Note also that there is a barely
significant increase in salinity of about 0.07 ± 0.05 psu/
decade, that is, the slope waters near 900 m depth off west
Greenland have become both warmer and saltier between
1928 and 2003. This is clear evidence of an increased
contribution of West Greenland Current waters from south
of Davis Strait to the changing water properties of deep
Baffin Bay waters. This finding also provides evidence to
support the speculation of Bourke et al. [1989] that the West
Greenland Current enters Baffin Bay and is constrained by
the 500 m isobath. Furthermore, similar changes are also
observed over the western slope (600–2000 m isobaths) off

Figure 6. Time rate of change of temperature and salinity as a function of depth in Deep Basin area
(H > 2000 m). Solid lines indicate the 95% percent confidence interval. Significant warming occurs
throughout the water column. Also shown are predicted values in 1920, 1960, and 2000 that we obtain
from the linear trend analysis.
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Baffin Island albeit at slightly different temperature and
salinity values (Figure 9). Here we find a temperature
maximum of about +1.0!C at 500 m depth and a maximum
warming of 0.17 ± 0.05!C/decade at 900 m depth. Salinity
increases at this depth also, by about 0.07 ± 0.06 psu/
decade. Hence the influence of the West Greenland Current
to the south of Davis Strait, propagates cyclonically around
the rim of Baffin Bay and thus impacts the waters over the
continental slope off Baffin Island at depth.
[15] It is tempting to speculate that the warming of the

deeper Baffin Bay and west Greenland slope waters has its
origin in the warmer and saltier waters of the West Green-
land Current passing Davis Strait above the 640 m sill
depth. In order to test this hypothesis we inquire about the
warming trends along west Greenland to south of Davis

Strait between the 600 and 2000 m isobath as well as in
Davis Strait itself.
[16] The data from Davis Strait between 65!N and 67!N

latitude east of 58!W longitude indicate a barely significant
warming at 400–600 m depth of about 0.10 ± 0.09!C/
decade. There are no statistically significant warming trends
detectable over the western portion of Davis Strait (Table 1).
In contrast, the narrow shelf and slope region off Greenland
south of 63!N latitude inshore of the 1000 m isobath has
warmed substantially, about 0.16 ± 0.10!C/decade from
1925 through 1999 (Table 2).
[17] These trends represent variability at periods longer

than the record of observations, about 70 years. These
observations strengthen, but do not prove, the hypothesis
that the warming trends of deep Baffin Bay waters are
caused by changes in southern source waters on the shelf

Figure 7. Time series of temperature in Deep Basin in deep Baffin Bay (defined by bottom depth H >
2000 m). Data and linear trends for five different bins are shown.
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summer (July–October) when seasonal salinity variations
are large off Baffin Island (e.g., Figure 12c). Note also that
the peculiar phasing of Sa and Ssa results in large seasonal
salinity variations during the summer months, that is, our
trend analyses will not improve if we limit it to data from
summer months. Unfortunately, we cannot make a more
definite statement than that the 1987–1990 mooring data
from Davis Strait suggests a seasonal cycle of salinity that,
we speculate, varies on the scale of the internal Rossby
radius of deformation. The latter is not resolved by the
mooring data, furthermore, mooring data are limited to
depths below 150 m depth even though most freshwater
flux resides within 100 m of the surface [Münchow et al.,
2006].

6. Discussion

[21] We propose that the deep warming is facilitated by
heating from above by a layer near the Davis Strait sill
depth of about 600 m. Testing the feasibility of this
argument, we calculate the amount of heat needed to warm
the deep waters of Baffin Bay. The heat content H in J/m2 of
a layer between two depth levels D1 and D2 is

H ¼
Z D2

D1

rCp q" q0ð Þdz

[Send et al., 1987], here r is the density (1026 kg/m3) and
Cp is the specific heat capacity of sea water (3986 J/kg/!C),
q and q0 are potential and reference temperature, respec-
tively. Assuming that temperature is constant horizontally
within each vertical layer, integrating over the horizontal

area A, and taking a derivative with respect to time, we get
(in a discrete form):

ADH=Dt ¼ rCpVDq=Dt

where DH/Dt is the rate of change of heat content with time
(W/m2), Dq/Dt is the rate of change of potential temperature
with time (%0.1!C per decade), and V = (D2 " D1)*A Is the
volume (41,700 km3) of a 200 m thick layer extending over
the area of Baffin Bay below 900 m (208,500 km2). In this
area, the assumption of spatially constant temperature is
fairly good as the temperatures and salinities are largely
uniform at this depth. With these scales we find that it
requires about 27 & 109 Watts to warm deep Baffin Bay by
the observed amount. In the absence of advection this value
corresponds, if spread uniformly over area A, to a vertical
heat flux of about 0.25 W/m2. While this number is small
relative to sea surface heat fluxes of about 100 W/m2, it is
large relative to geothermal heating of about 0.05 W/m2

[Adcroft et al., 2001].
[22] From subsurface volume integrals of the heat budget

equations, we find

@q=@t ' V=Að Þ ¼ u1 ' q1 þ u2 ' q2 þ u3 ' q3 " u4 ' q4ð Þ þ FG= rCp

! "

" kz@ ' q=@z

where local potential temperature changes @q/@t are caused
by the horizontal heat flux divergence, geothermal heating

Figure 11. Salinity trends along Baffin Island from Nares
Strait in the north to the northern Labrador Sea in the south.
Error bars are 95% confidence limits (Table 2).

Figure 12. Time series of low-pass-filtered salinity
(symbols) and predictions (lines) for annual and semiannual
constituents for (a) a location over the Greenland slope at
150 m nominal depth (E-150), (b) for a location near Baffin
Island at 150 m nominal depth (B-150), and (c) for the same
location near Baffin Island but at 300 m nominal depth (B-
300).
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2008). Higgins (1991) estimated the long-term mean calving
rate at !0.6Gt a–1 or !5% of the flux across the grounding
line. Annual precipitation is small, and the ice-shelf surface
undergoes net mass loss of 1.2ma–1 (1.0Gt a–1 for an ice-
shelf area of 900 km2 after the 2012 break-up) through
winter sublimation and summer melting (Rignot and others,
2001; Rignot and Steffen, 2008). If the glacier is in a steady
state, then !85% of the mass loss must occur through basal
melting. Sufficient ocean heat is available inside the fjord to
melt the entire floating ice shelf, if the heat can flow into the
sub-ice-shelf cavity (Johnson and others, 2011; Rignot and
others, 2012). Hydrographic profiles below the ice shelf
!10 km seaward of the grounding line revealed water with
temperature T > 0"C (Rignot and Steffen, 2008) at 600m
depth. This relatively warm ocean water originates from
adjacent Nares Strait, which receives Arctic Atlantic Layer
water from the Lincoln Sea in the Arctic Ocean (Münchow
and others, 2007). Rignot and Steffen (2008) mapped the
steady-state basal melt rate for the PG ice shelf, using
satellite-derived divergence of ice flux. Values ranged from
!30ma–1 near the grounding line to !10ma–1 closer to the
ice front. Gladish and others (2012) developed a model of
ice/ocean interactions that generated basal melt rates

ranging from 25ma–1 at the grounding line to zero at the
ice front.

The large calving events at PG in 2010 and 2012 reduced
the ice-shelf length from 81 to 46 km (Figs 1 and 2). While
PG has experienced large calving events in the past (Falkner
and others, 2011), its terminus (ice front) has now retreated
further back than has been observed since the first reported
measurements in 1876 (Nares, 1876). By analogy with
Jakobshavn Isbræ, Greenland (Holland and others, 2008;
Motyka and others, 2011), we hypothesize that the observed
slow warming of Atlantic-sourced waters in Nares Strait
during the last decade (Münchow and others, 2011) could
lead to increased basal melting of the PG ice shelf. We
presently cannot determine if ocean warming in Nares Strait
will continue, and modeling studies suggest that even
complete loss of the PG ice shelf would not lead to
accelerated loss of grounded ice (Nick and others, 2012,
2013). However, estimates of the PG ice-shelf mass budget
provide a case study of the relationship between basal
melting and ice-shelf retreat through calving, that is valuable
for testing models used to describe coupling between ocean
variability and glaciological response. It is now straightfor-
ward to track the areal extent of PG on short timescales
(Johannessen and others, 2013). However, here we extend

Fig. 1. MODIS images acquired over Petermann Gletscher on 25 July 2003 (left), 13 August 2010 (center) and 30 July 2012 (right). White
lines on the left image are ICESat tracks, labeled by track number. Blue and red curves on the left panel are survey lines flown by NASA in
2002, 2003 and 2007. Blue curves in the center panel show the 2011 flight lines. Red indicates flight lines along the central channel, while
blue marks flight lines along the ambient ice shelf. The thick black curve across the glacier near y ¼ 0 km is the grounding-line location of
Rignot and Steffen (2008). The horizontal black line near y ¼ 15 km in the middle panel shows the location of MODIS surface reflectance
profiles presented in Figure 6. The black rectangle shows an area of large and non-hydrostatic crevasses shown in Figure 10. Dark areas
within 2 km of the western wall (x ! 70 km) are shadows cast by high terrain, not ice-free water.

3B2 v8.07j/W 3rd March 2014 Article ref 13J135 Typeset by Sukie Proof no 2

Münchow and others: Interannual changes of the Petermann Gletscher ice shelf2



Central Channel


Ambient Shelf


NASA Laser

altimeter




42 of 34


Under-ice CTD cast 
2002

 (Rignot and Steffen, 
2008)




Decadal Variability of Petermann Gletscher, North Greenland 
from Observations of Ice, Ocean, and Atmosphere


15 km


Credit: Jon Poole, 
CCGS Henry 
Larsen, 
Aug.-2012
 43


AIR 


ICE


OCEAN


+0.12 ± 0.04 °C/year


-5 m/year


+0.06 ± 0.02 °C/year




Did I ever see a polar bear?


Aug.-12, 2012

Nares Strait.

[Kirk McNeil, Labrador]



